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The present-day Grønli–Seter karst aquifer in Rana is fed by a surface stream that invades a relict cave system, so that the present hydrology is
constrained by pre-existing geometry. This type of karst aquifer is quite common in the glacially sculptured landscape of Norway, where speleo
genesis displays a strong imprint from glacier-ice contact. The Grønli–Seter cave system is situated in the hillside of Røvassdalen, with passage
morphology and palaeoflow marks indicating development below the watertable and by ascending water flow in the presence of a glacier filling
up the valley. The aquifer has a mean annual discharge of about 0.13 m3 s-1, which makes up about half of the total runoff from Strokbekken from
where it is sourced. Hydrograph and quantitative dye-tracer experiments demonstrated that the aquifer is totally dominated by conduits and comprises three sections with distinctly different cross-sectional areas. The lower part of the traced aquifer comprises essentially phreatic (submerged)
conduits with a mean cross-sectional area of about 4.5 m2 and a static volume of minimum 4000 m3. In the upper sections, the ratio of submerged,
water-filled passages is lower, and the cross-sectional area of the water flow is smaller, but with a greater increase during floods. The maximum
estimate of the total aquifer volume is 10,000 m3 (at a discharge of about 0.2 m3 s-1). The total hardness (the concentration of Ca2+ and Mg2+ in the
water) has been measured in the low range of 15 to 36 mg CaCO3 equivalents per litre, which is normal for settings like this. The highest transport
rates of calcite leaving the aquifer are related to the highest discharges. The evolution of invasion aquifers like this one is therefore suggested to
accelerate when the recharge conditions are changed, i.e., due to glacial erosion, so that the entire surface stream is captured by the stream sink.
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Introduction
Complex, multiphase cave systems develop where
there have been shifts in the hydraulic function of the
cave during development (e.g., Ford & Williams, 2007;
Skoglund & Lauritzen, 2010). During the Quaternary,
high variability in climate was accompanied by a strong
variability in the ice-sheet cover (e.g., Sejrup et al., 2000;
Olsen et al., 2002), and accordingly a high variability
in the karst hydrological regime as the ice redirected
hydraulic gradients, water chemistry and topography
(e.g., Ford & Williams, 2007; Benn & Evans, 2010). Karst
systems throughout Norway are considered to have been
exposed to such large changes during their existence and
development (Lauritzen & Skoglund, 2013).
In the glacially sculptured landscape of Norway, karst
caves commonly appear in a hanging position in the
valley walls and their entrances appear to have been
truncated by subsequent glacial erosion (Lauritzen, 2001;
Lauritzen & Skoglund, 2013). These caves are in essence
relict, i.e., they are no longer active, and their origin
and development cannot be explained by their present
position in the terrain. In contrast, active caves are either
juvenile, due to the short time of development (only

about 10,000 years since the deglaciation), or they are
invasion caves where the postglacial water flow has been
superimposed on a pre-existing cave developed under
different conditions.
Karst aquifers may comprise three types of porosity:
pores, fractures and conduits. The main karstic rock in
Norway is marble, which is a metamorphic carbonate
rock essentially devoid of primary porosity related
to sedimentary and diagenetic processes (Lauritzen,
2001). Accordingly, karst groundwater circulation and
cave development depend on secondary porosity such
as fractures, faults and tectonised lithological contacts.
When slightly acidic water flows through fractures
in carbonate rocks the fracture walls are dissolved,
slowly widening the fracture into a conduit. Below the
watertable (i.e., the phreatic zone), corrosion attacks
the rock along the entire perimeter and radially away
from the original flow path, forming conduits with a
subcircular, lenticular or rift-shaped cross section (e.g.,
Lauritzen & Lundberg, 2000). Above the watertable
(i.e., in the vadose zone) where fractures and conduits
are only partly water filled, corrosion attacks the floor
forming gravity-driven, canyon-shaped passages. The
conduit water flow resembles underground rivers, which
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makes underground water flow through karst aquifers
contrast the water flow in porous and fracture aquifers.
Objectives
Few studies have been published on karst water and karst
aquifers in Norway (Lauritzen, 1981, 1986; Bakalowicz,
1984; Lauritzen et al., 1985; Øvstedal & Lauritzen,
1989; Knutson, 2008; Skoglund & Lauritzen, 2010). The
purpose of this paper is to give a physical and chemical
characterisation of a marble karst aquifer, the Grønli–
Seter aquifer. It is associated with two well-known tourist
caves in Norway, Grønligrotta and Setergrotta (Oxaal,
1914; Horn, 1947; St. Pierre, 1988). The Grønli–Seter cave
system consists of more than 8 km of relict, essentially
phreatic conduits (Øvrevik, 2002; Skutlaberg, 2003;
Hestangen, 2005), although the caves are not yet linked
by human exploration and survey. Passage morphology
and palaeoflow marks (Curl, 1974) in the cave walls
demonstrate that the relict conduits were essentially
formed under phreatic (water-filled) conditions by an
ascending water flow (Skutlaberg, 2003). The contemporary
cave stream has invaded the cave system and connects the
two caves through conduits of inexplorable size. We may
hypothesise that the aquifer structure and conduit pattern
are inherited from a previous hydraulic regime, presumably
in response to a glacier occupying the present valley.
Through hydrological monitoring data and analyses of
water samples, the chemical state of the aquifer and some
considerations about the transport of total hardness and
corrosion will be addressed. The main focus in this paper
is on the structure and volume of the aquifer as revealed by
a series of tracing experiments through different sections
of the aquifer. The characteristics of the studied aquifer
and implications for its evolution are discussed in a wider
context of other invasion aquifers in Norway.

Description of the field area
The drainage area
The Grønli–Seter cave system (66°25’N, 14°15’E) is
located about 10 km north of Mo i Rana, northern
Norway (Fig. 1). The cave system and the aquifer are
situated in the eastern hillside of Rødvassdalen valley.
The Grønli–Seter aquifer receives recharge from a
stream sink in the Strokbekken stream, approximately
250 m a.s.l. (Fig. 2). Several smaller stream sinks exist
farther upstream, but these have been blocked artificially
during the recent decades. The Strokbekken stream has a
catchment area of about 7 km2, which consists mainly of
mica schist (Søvegjarto, et al., 1989), i.e., the Grønli–Seter
aquifer has allogenic drainage (Ford & Williams, 2007).
The drainage area is sparsely vegetated, partly situated
above the tree line, and with widespread bogs. The karst
aquifer itself is situated below the tree line.
Only a part of the discharge from the catchment area of

Figure 1. Location of the field area. The rectangle shows the location
of the map in Fig. 2.

Strokbekken is captured into the Grønli–Seter aquifer,
the remaining water continuing along a surface stream
course towards the Røvassåga river in the valley bottom.
Water from the aquifer re-emerges in a spring pool in the
glaciofluvial deposits in the valley bottom, approximately
48 m a.s.l. (Fig. 1), forming a dammed spring caused by
the valley aggradation (Ford & Williams, 2007).
Climate
The climate is subarctic oceanic with mild winters and
cool summers. The mean annual temperature at sea level
in the inner part of Ranafjorden (Båsmoen) is 3.0°C (Det
norske meteorologiske institiutt, DNMI, 1991–2001). The
field area is most likely slightly cooler due to its elevation
and distance from the fjord. During the hydrological year
2000/2001, the mean annual air temperature at the spring
gauging station was 1.4°C (48 m a.s.l.).
Precipitation falls throughout the year with May and June
as the driest months. During winter, the precipitation
falls largely as snow, but rainstorm events may occur
throughout the year. The mean annual precipitation
in Grønlia is 1680 mm (1988–2001). During the
hydrological year 2000/2001, the total precipitation in
Grønlia was 1351.4 mm and the maximum snow depth
was 108 cm. The annual runoff from the Strokbekken
drainage area, assuming an evapotranspiration of 250
mm yr-1, is about 7.7 ×106 m3, equal to a mean annual
discharge of 240 l s-1, or a drainage intensity of 34 l s-1
km-2, in good accordance with other, regional estimates
of 20–80 l s-1 km-2 (NVE, 2002).
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Description of the explored part of the aquifer
The stream sink is small and not of enterable size. The
cave stream first appears in a siphon in a large, subcircular,
phreatic tube (about 2 m in diameter) at the uppermost
end of Grønligrotta (Fig. 2). Divers have explored the
system upstream for a short distance before the conduit
becomes too restricted. The stream has incised a vadose
canyon in the subcircular, phreatic tube of the main
passage (Fig. 3A). The stream flows below the maze
of Grønligrotta through a river gorge in which water
flows down the dip of strata along the shortest route of
interconnected fractures. The river gorge ends in a rift
passage after travelling a horizontal distance of about 300
m and dropping 70 m (Fig. 4). The rift here is too narrow
to enter, though the sound of flowing water indicates that
the water flow is vadose for some distance beyond.
In Setergrotta, the cave stream appears in four different
vadose sections (passages), indicating a series of
submerged conduits (Figs. 2, 4). The upper, southern
part of Setergrotta has a 330 m-long vadose section with
a vertical drop of about 60 m. The next section of the
aquifer is phreatic, but this lower flow route has low flow
capacity. The re-emergence of the cave stream at site 2 is
shown in Fig. 3B. During floods, a perched sump (Palmer,
2007) develops upstream of site 2 (Fig. 4). The water level
may rise up to 11 m and form a 200 m-long floodwater
path where water eventually flows into Marmorgangen
or down to site 2.

Figure 2. Map over the field area with cave maps and bedrock. The
hydrological system is illustrated in accordance with the legend.

Bedrock
The bedrock in the field area comprises Caledonian
thrust-nappe complexes and forms part of the
Rødingsfjell Nappe Complex of the Uppermost
Allochthon (Stephens et al., 1985; Søvegjarto et al., 1988,
1989). The cave system is developed in a calcite and
dolomite marble within the Ramnålia Nappe. The rocks
are folded in a recumbent, anticlinal structure with a
marble core confined beneath massive strata of mica
schist where the local fold axis trends E–W (Søvegjarto et
al., 1989) (Fig. 2). At the cave location, the Rødvassdalen
valley cuts across the strike of the rock units.

Cave divers have confirmed the connection between
the sump in Marmorgangen and the upstream sump
at site 1 (Figs. 2, 4), though the central part has not yet
been surveyed (R. Nielsen, pers. comm., 2011). The
deepest part of this loop reaches sea level, which is far
deeper than the present valley bottom (48 m a.s.l.). A
shaft side-passage in the upstream direction has also
been identified, probably leading to the sump at site 2
(R. Nielsen, op.cit., 2011). The sump in Marmorgangen
appears not to be an active part of the conduit volume
determined at low discharges. Sites 1 and 2 and the sump
in Marmorgangen are only slightly elevated above the
base level of the system (spring pool).
The estimated length of the conduit aquifer is based on
survey data along the cave stream and the shortest or
direct distance across the inaccessible segments. The direct
distance between two unconnected segments of the cave
stream is multiplied by a sinuosity factor to obtain a more
reliable estimate of the actual length of the flow path.
Based on data from the surveyed cave stream, a sinuosity
factor of 1.5 seems to be reasonable. The total length of
the aquifer (from the stream sink (site 5) to the spring (site
0)) is estimated to 2750 m. Estimated lengths, hydraulic
gradients and phreatic/vadose ratios of the five cave
segments are presented in Table 1. The average gradient
of the underground flow path is 0.07 (7%). However, the
average channel slope of the different sections ranges from
0.18 (site 4–3) to 0.005 (site 2–1–0) (Fig. 4).
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Figure 3. Left: The
cave stream in the
main
passage
in
Grønligrotta at base
flow. Right: The reemergence of the cave
stream just upstream
of site 2 in Setergrotta
(base flow).

Figure 4. Vertical profile of the Grønli–Seter conduit aquifer and cave system.
Table 1. Distance, hydraulic gradient and vadose ratio of the aquifer segments between the sites for hydrological monitoring, water sampling and
trac er experiments, based on survey data. Lengths are rounded off to the nearest 50 m.
Site section

Survey distance,
s (m)

5–4

Estimated
distance, s + 1.5x
(m)

Hydraulic
gradient

Vadose
proportion of
segment

Distance to spring
(m)

260

400

<0.025

a

2750

500

0.18

100%

2350

0.10

37%

1850

<0.005

<10%

4–3

500

3–2

330

240 + 140

900

2–1

230

220

550

260

400

1–0
a

Direct distance,
x (m)

950
400

Probably <10%

Material and methods
Time series of hydrological and physicochemical para
meters
Six sites are numbered along the flow path, with increasing
number showing increasing distance from the spring
(Figs. 2, 4). The sites are used for various purposes as

explained below. In the cave inlet in Grønligrotta (site
4) and in the spring pool (site 0), water level, water
temperature and electrical conductivity were recorded
at one-hour intervals over a period of one year using
permanently installed digital data loggers (Aanderaa
Instruments). In addition, discharge was measured at both
sites during fieldwork using the standard salt-dilution
method (Hongve, 1987). Correlation of discharge and
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water level yielded a stage–discharge relationship, which
was employed to convert the automatically recorded
water level to discharge and establish a hydrograph that
shows the variation in discharge with time. Hydrograph
analysis can reveal characteristic properties of the aquifer
(Palmer, 2007). Discharge data are essential during tracing
experiments and are combined with water-chemistry data
to estimate how much calcite is transported out of the
system. According to ‘Murphy’s law’, there are inherent
logistical problems in instrumentations like this, causing
some breaks and lacunas in the record during the total
period of observation.
The electrical conductivity (EC) is directly related to the
total concentration of ions in the water. In karst aquifers, EC
is dominated by ions related to calcium carbonate equilibria
(e.g., Krawczyk & Ford, 2005; Massei et al., 2007). The
main idea behind logging EC at the aquifer inlet and outlet
was to evaluate how the EC changes through the aquifer
and how the change in EC responds to recharge events.
However, some problems occurred because of sensor drift
in the logger’s conductometer, as revealed through checking
against a hand-held field instrument. The EC sensor at the
spring broke down after three months of logging.
Water samples
Water samples were collected at sites 0, 2 and 4 (Fig. 2) at
intervals of a few hours, making up 14 batches (only 12
from site 2). Water samples at sites 0 and 4 were collected
simultaneously with the discharge measurements.
Simultaneous water samples from three sites along the
cave stream made it possible to evaluate the influence
of the underground water flow on water chemistry. The
water samples were analysed in the laboratory by an ion
chromatograph (Waters Ion/Liquid Chromatograph
ILC–1) to determine ion concentrations. Alkalinity, the
estimate of bicarbonate HCO3–, was determined through
conductometric titration with diluted hydrochloric acid,
HCl. Total hardness (TH) is the sum of Ca2+ and Mg2+
expressed as mg CaCO3 equivalents per litre, which is
conventional in the karst literature as it is easily transformed
to the denudation rate of limestone (e.g., Ford & Williams,
2007). The saturation index of calcite (SIc) was calculated
using the PCWATEQ computer program (Rollins, 1987). SIc
= log (IAP/Kc), where IAP is the ion activity product and Kc
is equilibrium constant of calcite. SIc is a measure of how fast
the calcite is corroded. Positive values indicate that the water
is supersaturated with respect to calcite and precipitation
may occur, while negative values indicate undersaturation
and that corrosion occurs. Hydrological monitoring data are
combined with water-chemistry data from sporadic water
samples to make a rough estimate of how much calcium
carbonate is transported out of the aquifer.
Tracing experiments
Quantitative dye-tracing experiments provide valuable
information about the aquifer structure and conduit
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volume (e.g., Field, 2002; Palmer, 2007). Two series of a
total of 14 tracing experiments were performed in the
aquifer using Rhodamine WT. Tracer was injected at five
different locations along the aquifer length (sites 1–5,
Fig. 2). Detection was made in the spring (site 0) with the
withdrawal of water samples at one-hour intervals by a
Manning Automatic Water Sampler. The water samples were
analysed by a Turner Designs Field Fluorometer Model 10–
AU–005. The instrument was calibrated before each batch
of samples. Tracer breakthrough curves were analysed by
the QTRACER program (Field, 2002), which interpolates
curves to make them smoother and extrapolates missing
recession. Breakthrough curves are expressed as equivalent
to a 100 g injection. During the first series of seven
experiments, the spring discharge started at less than 100 l
s-1 and decreased to about 50 l s-1. During the second series,
discharge started at about 100 l s-1 and increased to about
200 l s-1, then a rainstorm increased the discharge to about
400 l s-1 with a subsequent decrease to about 150 l s-1.
Tracer injection at five different sites along the aquifer
Formulas
length
made it possible to evaluate different segments of
the underground water system. The amount of retrieved
tracer mass in the spring, Mout, is given by (Field, 2002):


 =  

Formulas

 (1)
(1)

where C(t) is the concentration of tracer mass in the

water
and Q(t) is the discharge during that same
 = samples
∙100%
(2)


= 
(1)
 interval.
time
Recovery, R, is reported as the percentage
of recovered tracer mass with respect to the injected
tracer mass, Min, (Field, 2002):
Formulas



=

∙ 100%



Formulas

Formulas

(3)
 (2)
(2)




(1)
Calculation
of recovery requires that the entire
 =  

breakthrough
curve
is
detected.
Good
recovery
estimates



(3)(1)

=

 good discharge estimates.
depend
oncorrespondingly
 =

Combining
tracer-recovery and -discharge data may
=  
(1)
provide
about additional tributaries and

= information
∙ 100%
(2)
outlets
are
 =  that are not monitored, and if subsystems (4)
  = to∙ the

connected
main
drainage
line
(Field,
2002).
100%
(2)
 
 =  ∙ 100% -1
(2)

Flowvelocity,
u (m h ), can be calculated from the tracer

= time, t, and the distance between the injection and
(3)
travel
 = 
(5)

=   sites, d (Field, 2002):
(4)
detection
=
(3)

(3)
=
(3)

T =Q
(6)
 spring (TH out − TH in )
A=
crude
estimate of the active conduit volume, V (m

(5)3),

canalso be calculated from the tracer data (Field, 2002):

 =  
(4)
(4)
T = Q spring (TH out − TH in )
(6)
where
 =   is the mean discharge during the tracer(4)
3 -1
travel time (in(4)
s).
experiment
 =   (in m s ) and t is the tracer
2
),
of
the
cave
stream,
The
mean
cross-sectional
area,
A
(m
=
(5)


=

=
T = Q spring (TH out − TH in )

(5)

(5)
(6)
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 =  
(4)
or the water-filled conduit in the phreatic sections, is
(Field, 2002):


=

(5)
(5)

Results

T = Q spring (TH out − TH in )
The hydrographs and chemographs

(6)

The hydrographs from the cave inlet in Grønligrotta
and the spring (Fig. 5E) show a perennial base-flow
hydrological regime dominated by snowmelt during
late spring and early summer, and frequent rainstorm
floods during autumn and winter, in accordance with
a subarctic, oceanic climate (Fig. 5A, E). The rainfall
response is rapid due to the small, low-permeability
catchment. The lowest flow rates (base flow) occur
during winter, when the ground is frozen and the
Strokbekken stream is fed mainly by bogs and snowmelt.
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Mean annual discharge through the aquifer was 130
± 50 l s-1 during the hydrological year 2000/2001.
This is about half of the annual runoff from the
Strokbekken catchment. Base flow in a karst aquifer is
generally supplied by water leaking from storage in less
permeable parts of the aquifer, i.e., pores and fractures
(Palmer, 2007). However, the hydrograph from the cave
inlet shows that the surface stream feeds the aquifer
throughout the year. The hydrograph from the spring
seems to be more sensitive to variation during base flow
and detects even lower discharges during long-lasting,
dry periods. This implies that leakage from water stored
in pores and fractures is negligible. Accordingly, the karst
aquifer is totally dominated by conduit flow.
Transient storm-induced pulses are characterised by a
rapid increase in discharge followed by a more gradual
recession. Rapid changes in discharge are accompanied
by rapid changes in water temperature (Fig 5C, E). The
direction of the change is controlled by the surface
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Figure 5. Meteorological and hydro
logi
cal data from the Grønli–Seter
aquifer. Data from the hydrological
monitoring stations in the cave inlet,
site 4 (red), and the spring, site 0
(black). (A) Precipitation data (black
bars) and snow depth (grey bars) from
Grønlia (Det norske meteoro
logiske
institutt, DNMI). (B) Air temperature
from the gauging station at the spring.
Water temperature (C), electric conductivity (D) and discharge (E) for
each site. Breaks in curvesindicate
periods of lost data (due to equipment
malfunction).
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from the cave inlet to the spring (one-tailed, paired t-test,
p = 0), which is conspicuous in the cumulative-frequency
plots of EC (Fig. 6). Comparison of the three-month
and one-year cumulative curves from the cave inlet
shows that the longer time span makes the curve less
steep, i.e., the standard deviation is higher (6.4 and 8.1,
respectively) while the mean value is only slightly higher
for the entire year (24.1 and 24.9 μS cm-1, respectively).

100

Cumulative frequency

80
60
40
20

Site 4 - h yd .yr.
Site 4 - 3 m onths
Spring - 3 m onths

0
0

10

20

30

40

50

60

Electric conductivity (µS cm-1)

Figure 6. Cumulative-frequency plot of the electric conductivity
chemographs during a three-month autumn period at the cave inlet
(dotted) and spring (dashed), and during one year at the cave inlet
(solid).

temperature with an increase in water temperature
during summer floods and a decrease during winter. As
expected, the water temperatures in the cave inlet are
more extreme than in the spring and display a stronger
variability (Fig. 5C). During winter base flow, the aquifer
raises water temperature from close to 0°C, to about 3°C,
i.e., the mean annual air temperature. Slow water flow
allows the water to reach thermal equilibrium with the
subsurface environment.
The EC ranges between 5 and 56 μS cm-1 (Fig. 5D),
as is typical for high latitudes with sparse vegetation
(Lauritzen, 1981). The EC range is rather narrow, which
is probably explained by the single-source water with
limited solution capacity. There is a significant rise in EC

Both EC chemographs (Fig. 5D) show distinct responses
to flood events by a marked drop in EC. Rainwater
or meltwater in the recharge pulses have lower ion
concentrations than in the base flow, as can be seen from
both EC chemographs. During flood recession and base
flow, the EC gradually increases.
Water chemistry
Calcium, Ca2+, is the most abundant cation and
bicarbonate, HCO3–, is the most abundant anion, as is
to be expected in a carbonate karst aquifer (Fig. 7A, B).
All ions related to dissolution of marble (Ca2+, Mg2+ and
HCO3–) show a significant rise in concentration through
the aquifer, due to dissolution of calcite marble (positive,
one-sample t-tests of the difference in concentration
between sites 4 and 0, p<0.05). The Ca2+ concentration
from the intermediate site (site 2) is significantly higher
than in the cave inlet (site 4) and significantly lower than
in the spring (site 0) (positive, one-sample t-tests of the
difference, p<0.05; Fig. 8). This implies that dissolution
occurs along the entire flow path. Ca2+, Mg2+ and HCO3–
are all positively correlated with EC (Fig. 7A, B) (linear
correlation, one-tailed, paired t-test, p<0.001). The total
hardness, [Ca2+] + [Mg2+], varies in the water samples
between 15 and 36 mg CaCO3 equivalents per litre.
These values are quite low, but normal for karst waters
in Norway (Lauritzen, 1981). However, (autogenic) karst
springs below the tree line tend to have higher values,
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Figure 7. Cation (A) and anion (B) concentrations as a function of electric conductivity. Linear regression lines are shown for Ca2+, Mg2+ and
HCO3–; they are all significant at a level of 0.05.
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Ca2+ concentration (ppm)
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Figure 8. Ca2+ concentrations of all 14 sets of water samples show
how the concentration changes through the aquifer.
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Figure 9. Saturation index of calcite as a function of discharge.


Transport of calcite

The transport rate of calcite out of the aquifer may
serve as an estimate of when and how fast dissolution
(4)

=  All sets of water samples except one showed
occurs.
an increase in TH from the cave inlet to the spring. No
statistical relationship between spring discharge and
TH is
 detectable in this small sample set (Fig. 10A).

= instantaneous transport rates of calcite out of (5)
The
the
aquifer, T (mg s-1), for each set of water samples can be
estimated:

T = Q spring (TH out − TH in )

2

0

(6)
(6)

where (THout–THin) is the increase in total hardness
from the cave inlet to the spring, and Qspring is the
spring discharge. The instantaneous transport rates of
calcite out of the aquifer range between 7 and 2088 mg
s-1 (Fig. 10B). A crude estimate for the transport rate
corresponding to the mean annual discharge (~130
l s-1) would be in the range of 100 to 500 mg s-1, which
is equivalent to 3 to 15 tons yr-1. The transport rates
increase with increasing discharge because the discharge
dominates this relationship despite the lack of a statistical
relationship between change in TH and discharge. Under

Transport of calcite (mg s-1)

4

(1)

but as the (allogenic) catchment area of this system
extends above the tree line and is sparsely vegetated, the
contribution
of organic-derived CO2 is probably low.

 =  ∙ 100%
(2)

In accordance with the low TH, water is always strongly
undersaturated with respect to calcite though it is
significantly less in the spring than in the cave inlet

(Fig.
= 9). The saturation index decreases with increasing
(3)
discharge,
in accordance with theory; a shorter contact
time between water and rock under high flow rates
should result in less saturated water at the effluent end.

B

6

-1

Increase in TH (mg CaCO3 l )

A
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Figure 10. (A) The increase of total hardness (TH) between the cave inlet and the spring as a function of spring discharge. (B) Transport of
calcite as a function of spring discharge.
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higher discharge, more calcite is transported out of the
aquifer, which implies that the aquifer is more efficiently
corroded during flooding.
Tracing experiment
All tracer experiments reveal single-peaked break
through curves (e.g., Fig. 11A) which suggests that the
flow path is not branched (Field, 2002; Palmer, 2007).
From the hydrological gauging stations, the discharge
through the system has been evaluated to be roughly the
same. Tracer-mass recovery has been estimated for all
tracing experiments where the entire breakthrough curve
was detected. The tracer recovery ranged from 54 to 90%
(Table 2). Injections from the upper sites and at high
discharge resulted in the highest recoveries, more than
80%. This implies that the traced sections represent the
main flow path from the stream sink to the spring pool.

A

50

Site

In the lower section of the aquifer and at low discharge,
the tracer recoveries were lower (50–70%). This indicates
that part of the water may drain through one or several
smaller outlets. Since the recovery is lower at lower
discharge, the additional outlet is suggested to be a baseflow outlet of low flow capacity, i.e., with a low discharge
under all flow conditions. As the recoveries from sites 1
and 2 are similar, the diversion towards the additional
outlet is most likely located between sites 1 and 0. This
outlet(s) may either be diffuse injection into the valley
deposits and/or small concentrated springs. This may
also explain why the base-flow hydrograph from the
spring is lower than in the cave inlet.
Tracer travel time
The time the tracer mass requires to traverse the aquifer
is an essential parameter in estimating the aquifer

B

30
20

2750 m (5)
2350 m (4)
1850 m (3)
950 m (2)
400 m (1)

10

10

1
0

10

400

20

Time (h)

30

40

D

Distance to spring (site)
2750 m (5)
2350 m (4)
1850 m (3)
950 m (2)
400 m (1)

300

10

100

1000

Discharge (l s-1)

12000
10000

u = 0.94 Q
r 2 = 0.98

Volume (m3)

Velocity (m h-1)

Distance to spring (site)

3
2
1

0

C

100

Time (h)

Concentration (ppb)

40

69

200

100

8000
6000
Distance to spring (site)

4000

2750 m (5)
2350 m (4)
1850 m (3)
950 m (2)
400 m (1)

2000
0

0
0

100

200

Discharge (l s-1)

300

400

0

100

200

300

400

Discharge (l s )
-1

Figure 11. Results from tracing experiments. (A) Example of tracer breakthrough curves from three different experiments with injections at
sites 1, 2 and 3, with discharge in the range of 100–200 l s-1, and detection made at the spring (site 0). (B) Tracer peak time versus spring
discharge in logarithmic scales. Results are shown for each site, symbols are similar in figure B–D. (C) Tracer velocity (based on tracer peak
time) versus discharge. (D) Aquifer volume as a function of discharge. The dashed ellipses show the two groups of experiments upon which the
volume estimates in Table 3 are based.
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Table 2. Results from tracer experiments.

a
b

Site

Distance to
spring (m)

Discharge
(l s-1)

Peak time
(h)

Volume
(m3)

Recovery
(%)

Tracer velocity
(m h-1)

5

2750

70

25.7

6500a

54

110

5

2750

210

13.3

10100

88

210

4

2350

40

37.8

5400a

4

2350

330

7.3

8700

3

1850

70

25.6

6500

70

3

1850

50

35.2

6300

50

3

1850

180

3

1850

160

60
87

320

13.0

8400

b

90

140

12.1

7000

71

150

63

2

950

70

14.8

3700

2

950

60

19.4

4200

50

60

2

950

120

9.0

3900

110

2

950

140

9.4

4700b

62

100

1

400

60

8.7

1900

65

50

1

400

110

4.0

1600

59

100

Comparing tracer peak time with discharge suggest that the discharge estimate is too low, which underestimates the volume.
Comparing tracer peak time with discharge suggest that the discharge estimate is too high, which overestimates the volume.

similar flow velocities under the same discharge, which
implies that the velocity is similar in the vadose and
phreatic segments, at least for discharges below 350 l s-1.

volume and mean cross-sectional area. The tracer
breakthrough time is the time of the first arrival of the
tracer mass in the spring (Fig. 11A). A better estimate of
the overall water residence time is peak time, which is
the time of arrival of the highest concentration of tracer
mass. This is closer to the mean travel time of the tracer
mass but more robust than the mean tracer residence
time based on arrival of the centroid of the tracer mass
(Field, 2002). The centroid of the tracer mass depends
on detection of the entire breakthrough curve where the
decrease is often unreliable. The tracer travel time is a
function of distance and discharge. Shorter distance and
higher discharge give shorter flow times (Table 2). In the
discharge–tracer-time diagram, the overall trend in the
plot shows this inverse relationship (Fig. 11B). Ideally,
the plots should lie along negative trend lines lying above
each other as the distance to the spring increases. Based
on tracer peak times, we may suggest that some of the
discharge estimates are too high (site 2: Q = 140 l s-1, and
site 3: Q = 180 l s-1), while others are too low (site 4: Q =
40 l s-1 and site 5: Q = 70 l s-1).

Volume and mean cross-sectional area have been
estimated for each aquifer section (Fig. 11D, Table
3). Tracing experiments from sites 1 and 2 were only
performed at low discharge (less than mean annual
discharge). The mean volume estimate for this section
(sites 2–0) is 4100 m3, which corresponds to a mean
cross-sectional area of about 4.3 m2. However, the tracer
recoveries were low (around 60%) in these experiments.
If only part of the water flows towards site 0, the volume
estimates only account for the volume of the active
water flow towards this site. Consequently, the actual
conduit size of this section, which comprises essentially
phreatic conduits (Table 1), may be as much as 40%
larger. Accordingly, the mean cross-sectional area of the
conduits may possibly reach about 7 m2.

Average flow velocities, u, estimated from peak time
are in the range of 100 to 200 m h-1 for flow rates in the
range of the mean annual flow (0.1–0.2 m3 s-1; Table 2).
The average flow velocity is closely related to discharge
(Fig. 11C). The outliers in the discharge–velocity plot
represent experiments where discharge was poorly
estimated (see previous section). Tracing experiments
over different sections of the aquifer (i.e., with different
ratios of vadose and phreatic conditions) seem to have

Under the base-flow regime, the volume estimates from
sites 3 and 5 are similar. As previously mentioned, the
discharges during the base-flow tracing experiments
from sites 4 and 5 are suspected to be underestimated,
which means that the volume estimates are also too low.
Accordingly, no volume estimate exists for the upper part
of the aquifer (sites 5–3) under base-flow conditions,
though we may assume that the volume is quite small.
Under these conditions, the volume estimate for the

Aquifer volume

NORWEGIAN JOURNAL OF GEOLOGY

Characterisation of a post-glacial invasion aquifer: the Grønli–Seter karst system, northern Norway

71

Table 3. Estimated volume and cross-sectional area of the aquifer sections.
Discharge <100 l s-1
Site

Distance (m)

5–4

400

4–3

500

3–2

900

2–1
1–0

Volume (m3)

Discharge 100 – 250 l s-1

Cross-sectional area (m2)

Volume (m3)

Cross-sectional area (m2)

a

2400b

2.7

2400

2.7

3400

3.7

550

2200

4.0

400

1800

4.5

4300

4.5

a

Using the volume estimate of 6500 m3 from site 5 during low discharges would give a cross-sectional area of 1.4 m2 for section 5–2, which
probably is an underestimate.
b
Maximum volume estimate for section 5–3 is used.

middle part of the aquifer (sites 3–2) is 2400 m3 with a
corresponding mean cross-sectional area of 2.7 m2 (Table
3).
The aquifer volume increases with increasing discharge
(Fig. 11D). The largest volume estimate of the entire
aquifer is about 10,000 m3 (discharge ~0.2 m3 s-1). In the
lower section between sites 2 and 0, the volume increase
seems to be moderate. The middle section shows a
stronger increase in volume and a corresponding mean
cross-sectional area. Comparison of the three aquifer
sections under moderate discharge (0.1–0.25 m3 s-1)
demonstrates that the volume and mean cross-sectional
area increase in the downstream direction in accordance
with the increasing phreatic component.

Discussion and conclusion
Aquifer structure and aquifer volume
The Grønli–Seter aquifer is an invasion aquifer where
most of the aquifer structure and volume is inherited.
Large phreatic conduits below the present valley bottom
and watertable (between sites 2 and 0) give the aquifer
a large static volume. The aquifer consists essentially of
one single, unbranched flow path, fed by a major stream
sink, and with water leaving through a major spring pool.
Tracer recovery data and base-flow hydrographs suggest
that another outlet exists between site 1 and the spring at
site 0. This might be a perennial, base-flow spring of low
flow capacity, making most impact during low discharge.
The floodwater zone in Setergrotta has a maximum
amplitude of 11 m. During flood recession the water
level in the flood-water passages in Setergrotta is
gradually reduced. Tracing experiments from sites 3, 4
and 5 performed under higher flow rates are expected to
show some loss of tracer mass to the perched sump that
fills up under rising discharge. However, these tracing
experiments have the highest mass recoveries, which
are hard to explain unless the main flow path has a poor

connection to the sump. The recoveries are below 100%,
so one possible interpretation is that the perched sump
fills up slowly when the flow rates are in the range of a
few hundred litres per second, which results in a small
loss of tracer mass. No release of tracer mass at a later
time has been detected in the breakthrough curves (i.e.,
the systemes annexes effect, Ford & Williams, 2007).
Chemical state
The low values of total hardness in the cave waters
are in accordance with data from other Norwegian
resurgences in similar settings (Lauritzen, 1981).
Stripe karst is an extreme end-member of contact karst
(Lauritzen, 2001). Allogenic water and a short residence
time between the water and the karstic rock causes low
total hardness values characteristic of the Norwegian
stripe karst, even below the tree line, where soil gives
the water a higher solution potential through its higher
carbonic-acid content (Lauritzen, 1981). The water is
undersaturated with respect to calcite throughout the
aquifer, and simultaneous water samples from various
sites along the aquifer length (sites 4, 2 and 0) reveal that
the Ca2+ concentration increases through the aquifer,
demonstrating that dissolution occurs in both the upper
and the lower section of the aquifer, without regard to the
different volume and flow conditions.
Instantaneous rates of calcite transport show that even
though there is no statistical relationship between
increase in TH through the aquifer and spring
discharge, the transport of calcium carbonate out of
the aquifer will increase with increasing discharge,
making higher discharges more efficient in transporting
calcium carbonate out of the aquifer. The transport
rate of calcium carbonate is the result of dissolution
and wall retreat within the aquifer and thus indicates
which discharges are the most corrosive. Our result
is in accordance with previous studies from the area
(Lauritzen, 1989), where the highest rates of wall retreat
occur during flooding with a duration of less than 20%
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of the time, and the scallop-dominant discharge (i.e., the
discharge that dissolves the flow marks in the cave walls)
is related to floods with a duration between 2 and 15% of
the time. Studies with high-resolution flow and chemical
data also show that intense, short-duration events are
more important in enlargement of the karst aquifer
(Groves & Meiman, 2005).
Invasion aquifers
The Grønli–Seter invasion aquifer serves as a
representative for many Norwegian karst aquifers, and
possibly other karst aquifers in formerly glaciated areas.
The Okshola cave system in Fauske is a multiphase
cave system that shows evidence of development
through several glacial–interglacial cycles (Skoglund
& Lauritzen, 2010). Abandoned, vadose passages at
different elevations up in the hillside, and a large, active
canyon (10–30 m deep) below the marine limit, show
that the Okshola cave has developed through several
interglacials and interstadials. In the Grønli–Seter cave
system, on the other hand, the vadose canyon is quite
small and the active water path between the caves seems
to be immature. The difference between the Okshola and
the Grønli–Seter aquifers is related to the size of their
drainage areas, the discharge and how long the marble
outcrop has been exposed in a position where it captures
channel water flow. The Grønli–Seter aquifer is situated
in a smaller catchment where it only captures part of the
runoff during higher flow rates. It resembles the upper,
small and abandoned, vadose levels of Okshola that are
likely to have captured only part of the surface-stream
flow, in contrast to the contemporary underground
streamway which captures the entire surface stream. The
present study shows that the instantaneous transport
rates of calcium carbonate out of the Grønli–Seter
aquifer are quite low, which means that widening of the
underground flow path is quite slow, and that the highest
rates occur during the highest floods. This has also been
shown in several other studies (e.g., Lauritzen, 1989;
Groves & Meiman, 2005). Groves & Meiman (2005)
suggested that karst areas where rainfall is concentrated
evolve faster than areas with similar precipitation rates,
but where rainfall is more evenly spread throughout the
year. Likewise, we may suggest that karst aquifers where
the stream sink captures the entire surface flow (and
thus the full extent of floods) evolve more quickly than
aquifers with a similar mean discharge but fed only by
part of the flow of a surface stream (thus missing the
peak floods). Karst systems that capture only a part of
the water flow from a surface stream are likely to miss a
larger proportion of the flood discharges than the base
and middle flows. Since the Grønli–Seter invasion aquifer
captures only a part of the surface channel flow, it misses
much of the flow during flooding when corrosion (and
also abrasion) is highest. This probably leads to a slower
evolution of the underground flow paths that capture
only part of a surface stream flow in contrast to those that
capture the entire surface flow, like the contemporary
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streamway in the Okshola cave. In conclusion, we suggest
that the evolution of invasion aquifers in settings like
this is quite slow, but is likely to accelerate if the recharge
settings are changed (e.g., by glacial erosion) so that the
entire surface stream is captured.
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